• Air-sea disequilibrium of carbon isotopes decreases with rising atmospheric CO 2 • The pCO 2 effect increased 14 C reservoir ages by 250 years during LGM • High pCO 2 weakens oceanic 13 C gradients, relevant for past and future Abstract It is well known that the equilibration timescale for the isotopic ratios 13 C/ 12 C and 14 C/ 12 C in the ocean mixed layer is on the order of a decade, 2 orders of magnitude slower than for oxygen. Less widely appreciated is the fact that the equilibration timescale is quite sensitive to the speciation of dissolved inorganic carbon (DIC) in the mixed layer, scaling linearly with the ratio DIC/CO 2 , which varies inversely with atmospheric pCO 2 . Although this effect is included in models that resolve the role of carbon speciation in air-sea exchange, its role is often unrecognized, and it is not commonly considered in the interpretation of carbon isotope observations. Here we use a global three-dimensional ocean model to estimate the redistribution of the carbon isotopic ratios between the atmosphere and ocean due solely to variations in atmospheric pCO 2 . Under Last Glacial Maximum (LGM) pCO 2 , atmospheric Δ 14 C is increased by ≈30‰ due to the speciation change, all else being equal, raising the surface reservoir age by about 250 years throughout most of the ocean. For 13 C, enhanced surface disequilibrium under LGM pCO 2 causes the upper ocean, atmosphere, and North Atlantic Deep Water 13 C to become at least 0.2‰ higher relative to deep waters ventilated by the Southern Ocean. Conversely, under high pCO 2 , rapid equilibration greatly decreases isotopic disequilibrium. As a result, during geological periods of high pCO 2 , vertical 13 C gradients may have been greatly weakened as a direct chemical consequence of the high pCO 2 , masquerading as very well ventilated or biologically dead Strangelove Oceans. The ongoing anthropogenic rise of pCO 2 is accelerating the equilibration of the carbon isotopes in the ocean, lowering atmospheric Δ 14 C and weakening 13 C gradients within the ocean to a degree that is similar to the traditional fossil fuel "Suess" effect.
Introduction
The distribution of carbon isotopes in the modern ocean, together with geological reconstructions of its past variability, has fundamentally shaped our understanding of ocean circulation and biological carbon cycling. Among the processes that control 13 C/ 12 C and 14 C/C (expressed as 13 C and Δ 14 C, respectively, the latter following the conventions of Stuiver and Polach [1977] ), this paper draws attention to a feature of the air-sea balance of carbon isotopes that is a straightforward consequence of carbon chemistry but is not widely recognized: the equilibration timescale of carbon isotopic ratios via air-sea exchange is quite sensitive to the speciation of dissolved inorganic carbon (DIC) in the surface ocean, which varies strongly with the atmospheric partial pressure of carbon dioxide, pCO 2 . This direct consequence of carbon speciation is referred to here as the "pCO 2 effect. " The effect, particularly on radiocarbon, has been noted in passing by many authors, including Broecker and Peng [1974] , Siegenthaler [1986] , Follows and Marshall [1996] , Stocker and Wright [1996] , Bard [1998] , Broecker and Barker [2007] , and Butzin et al. [2012] , but without elaboration on the underlying mechanism or detailed exploration of its magnitude and global implications under a range of pCO 2 .
The pCO 2 effect would be of little interest if the 13 C and Δ 14 C of the surface ocean were close to equilibrium with the atmosphere. However, both 13 C and Δ 14 C are far from equilibrium across most of the ocean surface, for different reasons, particularly in regions of deep water formation. For 13 C, disequilibrium is maintained by the rapid cooling of surface waters prior to sinking so that the 13 C of newly formed deep waters is not equilibrated to their cold temperatures, and by the biological pump, which discriminates against 13 C in the production and transport of organic carbon to depth. Both forms of disequilibrium leave the deep ocean depleted in 13 C [Schmittner et al., 2013] . For radiocarbon, it is radioactive decay that leaves GALBRAITH ET AL. ©2015 . American Geophysical Union. All Rights Reserved.
Global Biogeochemical Cycles 10.1002/2014GB004929 Figure 1 . Determinants of the equilibration timescale of carbon isotopes at the ocean surface. (first row) Annually averaged mixed layer depth z ML [de Boyer Montegut et al., 2004] ; (second row) wind speed-dependent piston velocity k w used in the model (note this is very low in regions with extensive sea ice; regions of permanent sea ice not shown); (third row) the ratio of mixed layer depth to piston velocity, which would give the equilibration timescale of CO 2 in the mixed layer if it did not react with water (in days); (fourth row) the DIC/CO 2 ratio from the control simulation; (fifth row) the product of z ML ∕k w and DIC/CO 2 which gives the local equilibration timescale of carbon isotopes DIC (in days). See also Jones et al. [2014] for a similar calculation. the entire ocean depleted, with greater depletion in waters that are more isolated from the atmosphere. Because the surface ocean disequilibria for both isotopes are large, the pCO 2 effect can play a first-order role in the global distribution of carbon isotopes, by modifying the intensity of the disequilibria.
Below, we first elaborate on the theoretical basis for why a higher pCO 2 causes the carbon isotopic ratios of seawater to equilibrate more quickly with the overlying atmosphere. We then use numerical modeling to estimate the ensuing repartitioning of carbon isotopes between the surface ocean, deep ocean, and atmosphere. The numerical results show relatively predictable changes in the distribution of 13 C and Δ 14 C, in good agreement with the theory, that should be considered when interpreting isotopic records from any periods of Earth history during which pCO 2 differed significantly from the preindustrial.
Theory
In the absence of other sources or sinks and ignoring mixing with underlying waters, the time evolution of the surface mixed layer concentration of a gas (defined as C) due to exchange with the atmosphere can be approximated by the following time-dependent equation:
where k w is the gas exchange coefficient (also known as the piston velocity, in m s −1 ), largely dependent on the wind speed at the sea surface [Wanninkhof, 1992] , and z ML is the thickness of the mixed layer at the surface of the ocean (in meters) [Sarmiento and Gruber, 2006] . (k w ∕z ML ) −1 is therefore the e-folding equilibration timescale with which the mixed layer concentration C ocean will approach the saturation concentration that would be in equilibrium with the atmosphere, C sat (Figure 1 ).
However, unlike most gases, CO 2 reacts with water as it dissolves. The reaction product, H 2 CO 3 , then dissociates to form HCO − 3 and CO 2− 3 . At seawater pH, the total dissolved carbon pool is dominated by HCO − 3 and CO 2− 3 , yet all of the air-sea exchange must pass through the bottleneck of CO 2 . As detailed in the appendix, this unusual feature causes the equilibration e-folding timescale of DIC between seawater and air in the mixed layer ( DIC ) to scale as where CO 2ocean is the concentration of dissolved CO 2 gas in the mixed layer. Because the buffer capacity ( DIC∕ CO 2ocean ) is ≈ 20 in the modern ocean, the equilibration timescale of CO 2 is typically ≈ twentyfold slower than nonreactive gases such as oxygen [Broecker and Peng, 1974; Sarmiento and Gruber, 2006] .
The same chemical bottleneck that applies to the abundant stable isotope 12 C also applies to the less abundant 13 C and the radioisotope 14 C. However, the relative abundances of 13 C and radiocarbon ( 14 C) are expressed as ratios with 12 C ( 13 C and Δ 14 C, respectively), and, somewhat nonintuitively, the isotopic ratios follow a distinct equilibration timescale. As shown in the appendix, this equilibration timescale can be approximated by
Thus, rather than depending on the buffer capacity, the equilibration timescale of the carbon isotopic ratios in the mixed layer scales linearly with the ratio of DIC to dissolved CO 2 . In the modern ocean this ratio is, on average, ≈ 200 ( Figure 1 ) such that the timescale turns out to be about tenfold slower than the equilibration timescale for CO 2 [Broecker and Peng, 1974; Jones et al., 2014] .
The ratio DIC/CO 2 is determined by the concentrations of DIC and alkalinity, with a secondary effect from temperature and salinity. Because the proportion of DIC present in the form of dissolved CO 2 is so small, it has a lot of leeway to adjust to changes in speciation so that CO 2 can change many fold with very little change in DIC. Figure 2a illustrates this point, showing the DIC/CO 2 ratio expected for seawater at equilibrium with a range of atmospheric pCO 2 , achieved by varying alkalinity given a typical modern DIC concentration of 2000 μM and constant temperature and salinity. Since oceanic DIC concentrations may also have changed significantly over time and are increasing now due to human activities, it is useful to consider how varying the global DIC inventory might alter the dissolved DIC/CO 2 relationship with atmospheric pCO 2 . Figure 2b shows a range of solutions for seawater DIC/CO 2 for a matrix of simultaneous changes in DIC and alkalinity. As shown by the red and blue lines, changes in pCO 2 and DIC/CO 2 ratio are nearly parallel over a range of DIC and alkalinity. Given the nearly parallel slopes, the isotopic equilibration timescale can be predicted relatively well by the pCO 2 alone, with a small deviation to relatively slower equilibration under higher alkalinity and DIC for a given pCO 2 .
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isotopic equilibration timescale would have been approximately 50% longer than the preindustrial case, while under a pCO 2 of 1500 ppm, which may have occurred during intervals of the early Cenozoic, the isotopic equilibration timescale would have been only one fifth that of the preindustrial. We emphasize that these changes arise purely as a result of shifts in the speciation of DIC under different pCO 2 and would occur independently of any changes in ocean circulation, wind speeds, or the biological pump. The final result of these changes in gas exchange timescale on the distribution of carbon isotope ratios is different for the two carbon isotope systems and depends on global mass balance and the effect of ocean circulation, creating a nontrivial problem. We address the problem with numerical models.
Models
The pCO 2 effect is simulated by any model that fully resolves the carbonate equilibria and air-sea exchange. As such, in any simulation that causes a significant surface CO 2 change, the disequilibrium should respond, even though the authors of the simulation may not have explicitly identified the contribution of the speciation to the overall result [e.g., Huiskamp and Meissner, 2012; Kohler et al., 2006] . In contrast, simplified analog tracers, which do not resolve the carbonate equilibria, would miss the speciation effect entirely [e.g., Schmittner, 2003 ]. In addition, experiments that change only atmospheric Δ 14 C to, for example, glacial values without making a corresponding change in pCO 2 would have missed this effect [e.g., Franke et al., 2008] .
Here an equilibrium solution to a three-dimensional general circulation model is used to gain a better understanding of the pCO 2 effect. The model uses an off-line transport model [Primeau, 2005] coupled with a simple ocean biogeochemistry model from the second phase of the Ocean Carbon Model Intercomparison Project (OCMIP2) [Najjar et al., 2007] . The horizontal resolution is 3.75 • , and the vertical resolution decreases from 50 m near the surface to 300 m near the bottom. The biogeochemical model parameters have been optimized with respect to observed climatological data of phosphate, alkalinity, and DIC [Kwon and Primeau, 2008] . The model solves for an equilibrium using a time-efficient solver [Kwon and Primeau, 2008] . The rapid calculation of the equilibrium allows for multiple sensitivity runs to be conducted within only a few days, which makes it ideally suited for this study. Tracers for the dissolved inorganic carbon isotopes (DI 13 C and DI 14 C) have been added. The small mass-dependent kinetic and equilibrium fractionations of 14 C that occur during air-sea exchange and biological cycling are ignored, since these are (at least partly) removed by the 13 C correction applied in the reporting convention of Δ 14 C [Stuiver and Polach, 1977] . The model simulates 13 C following Schmittner et al. [2013] . A temperature-dependent equilibrium fractionation occurs during air-sea gas exchange, using the experimentally determined fractionation factors of Zhang et al. [1995] . The photosynthetic fractionation factor p is parameterized following Popp et al. [1989] , which depends on the CO 2ocean concentration in each grid cell.
The pCO 2 effect should be expressed under any change in the global carbon cycle that alters atmospheric pCO 2 . However, some degree of complication could be expected given that the equilibration timescale depends on CO 2ocean /DIC, and concentrations of DIC as well as the CO 2 disequilibrium at the ocean surface could change. In order to test this, idealized experiments were conducted with the model that modify the preindustrial carbon cycle in three different ways. First, the globally averaged alkalinity concentration was varied between −420 and +270 μM relative to preindustrial in increments of 30 μM (experiment alk). Second, the globally averaged DI 12 C and DI 13 C concentrations were varied simultaneously by between −210 and +420 μM relative to preindustrial in increments of 30 μM, while maintaining a constant global ratio of 13 C/ 12 C and a constant 14 C inventory (experiment dic). Third, the biological storage of carbon in the ocean was changed by altering the surface PO 4 concentrations to which simulated PO 4 is restored, by a factor of 0 to 1.6, in increments of 0.1 (experiment pref ); a factor of 0 corresponds to a maximum of export production from the surface, decreasing as the multiplier increases. These ranges were chosen to exceed the glacial-interglacial change, while the dic and alk experiments span the early Cenozoic and near-future changes of pCO 2 as well. Although the mechanisms are all potentially relevant to the glacial-interglacial change and to the more distant geological past, as well as the future, the experiments are not intended to accurately simulate any particular state of the carbon cycle but rather to test the consistency of the theorized pCO 2 effect under a range of altered carbon cycle states. We also included experiments in which we changed the carbon speciation directly by modifying the pH used in the speciation calculation used to determine CO 2ocean during air-sea exchange, over a range of −1.1 to +0.5 relative to preindustrial (experiment pH). Thus, no matter what the surface ocean DIC might be, the surface ocean pH is set equal Global Biogeochemical Cycles 10.1002/2014GB004929 to that of the same surface grid cell in the control simulation plus the imposed change in pH. The pH experiment thereby manipulates the DIC/CO 2 independent of changes in the DIC and alkalinity concentrations in order to evaluate the effect of the "pure" pCO 2 effect. In order to easily interpret the results of all experiments, the characteristics of the "low-latitude surface" layer are averaged over the latitudinal range 40 • S to 40 • N, and the "deep ocean" is averaged globally below 1000 m depth. The steady state model can efficiently compute the equilibrium state, but it cannot evaluate the transient response of radiocarbon to environmental changes. In addition, one might worry that a host of unresolved processes might confound the expression of the speciation effect on radiocarbon distributions in the real world, particularly under changing environmental conditions. In particular, changes in cosmogenic 14 C production, changes in ocean circulation, and the production and dissolution of CaCO 3 sediment could all complicate the picture. We illustrate the transient response of radiocarbon to rapid pCO 2 changes, as well as the combined result of multiple factors over the deglaciation, using the CYCLOPS 18-box ocean model (described by Hain et al. [2010] ). CYCLOPS includes sediment interactions (the sedimentation and dissolution of CaCO 3 at the seafloor) and variations in radiocarbon production and can be run in a transient mode over tens of thousands of years. The results shown in Figure 9 are from the previously published "North Atlantic circulation change + Southern Ocean CO 2 release" deglacial scenario from Hain et al. [2014] .
The remainder of this paper discusses how the numerical model simulations alter the distribution of 13 C and Δ 14 C between the ocean and atmosphere. Because the mechanisms of disequilibrium for 13 C and Δ 14 C are so different, we treat each isotope ratio in turn.
The pCO 2 Effect and Radiocarbon
Radiocarbon is produced in the upper atmosphere from cosmic rays. But because of the high solubility of CO 2 in seawater, most of the 14 C in the Earth system is dissolved in the ocean. It decays with a half-life of 5730 years, leading to the loss of 14 C from throughout the ocean interior, which is balanced by a downward flux of 14 C across the air-sea interface. Because the air-sea equilibration timescale is slow, the surface ocean 14 C concentration remains well below equilibrium with respect to the atmosphere. The estimate of Key et al. [2004] suggests that, prior to aboveground nuclear testing, the globally averaged Δ 14 C of the surface ocean was about −65‰ (i.e., 6.5% depleted relative to the nineteenth century atmosphere), equivalent to the decay loss that would occur over ≈550 years. Over the time span for which radiocarbon is a useful tool (the past ≈50 kyr [Reimer et al., 2013] ), pCO 2 has undergone significant changes. The fact that surface ocean DIC∕CO 2 must have changed along with the atmospheric pCO 2 has clear implications for the air-sea partitioning of radiocarbon, and for the use of radiocarbon as a chronometer and monitor of ocean circulation in marine archives.
Air-Sea Redistribution
Under lower pCO 2 , high DIC/CO 2 will slow the equilibration of radiocarbon in the mixed layer, according to the theory (Figure 2a ). This leaves more 14 C behind in the atmosphere, driving up atmospheric Δ 14 C. At steady state, the total decay of 14 C in the ocean, equal to the product of the decay rate constant , and the oceanic 14 C inventory (M 14C ) must be balanced by the net flux of 14 C into the ocean (F 14C ), integrated globally:
Given the reduced exchange rate that accompanies a lower pCO 2 , the required ∫ F 14C must be accomplished by raising the atmospheric concentration of 14 CO 2 , and thus, raising 14 CO 2sat , until the intensified air-sea concentration gradient ( 14 CO 2sat − 14 CO 2ocean ) compensates for the reduced exchange rate.
This simple dynamic is clearly expressed in the results of the model simulations, shown in Figure 3 . As expected, a decrease of pCO 2 impedes the oceanic uptake of atmospheric 14 C, raising atmospheric Δ 14 C, while the fact that most of the total carbon inventory is in the ocean prevents the Δ 14 C of the ocean from changing significantly. The good agreement between the pref, alk, and pH experiments supports the general robustness of the theory regardless of the mechanism behind the pCO 2 change, and because the pH experiment changes only the carbon speciation in surface waters, it shows explicitly that the pCO 2 effect is the driver of the changes. The exception to the general picture is the dic experiment, in which the total carbon inventory was varied, since a larger carbon inventory dilutes the constant global inventory of radiocarbon, lowering Δ 14 C throughout the ocean and atmosphere as the DIC inventory grows.
When the oceanic values are expressed as the difference from the corresponding atmospheric Δ 14 C (ΔΔ 14 C) in Figure 4 , an even simpler picture emerges. In this case, the oceanic values of experiment dic fall in line with the other experiments, since the dilution effect is equally applied to the ocean and atmosphere. Note that Figure 4 is now plotted versus the inverse of pCO 2 ; since the surface DIC varies by only a few percent among these experiments, the relatively large changes in pCO 2 drive the changes in DIC/CO 2 , so that the relationship between the disequilibrium and 1/pCO 2 is approximately linear. Additional experiments show that the effect is roughly proportional to the total 14 C inventory: if the inventory is increased by 23 %, as it may have during the LGM [Hain et al., 2014] , the magnitude of the pCO 2 effect increases by a similar amount, as indicated by the red symbols in Figure 4 .
One outstanding problem in the understanding of radiocarbon is the high Δ 14 C of the LGM atmosphere, which was more than 400‰ higher than the preindustrial atmosphere [Ramsey et al., 2012; Southon et al., 2012] . High production rates of 14 C during the glacial period certainly contributed to the high Δ 14 C and were most likely the main cause [Hain et al., 2014] . However, reconstructions of the production rate, derived from 10 Be measured in Greenland ice cores [Muscheler et al., 2004] and geomagnetic field reconstructions , appear to explain no more than 300‰ of the increase, leaving a >100‰ gap [Broecker and Barker, 2007; Skinner et al., 2010; Hain et al., 2014] . Although debatable, sluggish ventilation of the deep ocean during the glacial probably played a large role in closing the gap, by transporting less 14 C into the deep sea [Galbraith et al., 2007; Broecker et al., 2008; Lund et al., 2011; Burke and Robinson, 2012; Hain et al., 2014] . The dashed vertical blue line in Figure 3 indicates the 1/pCO 2 that corresponds to the LGM and shows that according to the model the pCO 2 Global Biogeochemical Cycles GALBRAITH ET AL. The oceanic ΔΔ 14 C is lower everywhere due to enhanced disequilibrium caused by low pCO 2 , an effect that is more pronounced in the strongly unequilibrated waters of the Southern Ocean.
Effect on Surface Reservoir Age
The pCO 2 effect has implications for the calculation of chronological ages using surface ocean Δ 14 C measurements in fossil carbonate. Any such calculation requires a correction for the local reservoir age, i.e., the apparent age of DIC in surface waters during calcification, a function of the disequilibrium relative to the contemporaneous atmospheric Δ 14 C.
In the modern ocean, this is typically assumed to be on the order of 400 years throughout most of the low latitudes [Reimer et al., 2004] , and it is often assumed that this would have remained constant over time, in the absence of further information.
Given the pCO 2 of the LGM, if the ocean circulation were unchanged from today, and the system were at steady state, the model simulation suggests that global reservoir ages would have increased by approximately 250 years due to the pCO 2 effect alone ( Figure 6 ). Because of the uniform nature of the Δ 14 C change (shown in Figure 5 ), the increase of reservoir age is also uniform.
In agreement with this estimate, the reconstructed LGM-Holocene difference in surface reservoir ages of the Cariaco Basin, Barbados, and the tropical Pacific are all consistent with a change of 250 years [Ramsey et al., 2012] . As atmospheric pCO 2 rose during the deglaciation, the pCO 2 effect's contribution to the surface reservoir age would be expected to have decreased in concert, as a linear function of 1/pCO 2 .
It is important to emphasize that this change in surface reservoir age is not a firm prediction, given that ocean circulation is sure to have varied to some degree: regions with surface mixed layers that entrained much less 14 C-depleted deep water, relative to today, could have been better equilibrated with the atmosphere. Conversely, greater depletion may have occurred in regions that were in stronger communication with Each colored line shows the response after a given number of years to a spectrum of instantaneous changes of pH, imposed abruptly on a preindustrial state. The pH changes directly manipulate the carbon speciation, altering atmospheric pCO 2 and the air-sea partitioning of radiocarbon. As shown by the suite of simulations, the response of the (top) atmospheric Δ 14 C and (bottom) surface reservoir age occurs just as rapidly as the change in pCO 2 so that the 10 year response is nearly indistinguishable from the steady state response. 14 C-depleted deep waters, particularly if those deep waters were very strongly depleted, or where sea ice was more extensive, as has been suggested for the LGM Southern Ocean [Skinner et al., 2010] . The globally uniform pCO 2based estimate here should be taken as an expected baseline, for which circulation did not change, and under steady state.
Robustness of the Speciation Effect During Transient Changes
Thus far, the pCO 2 effect has been discussed as a steady state phenomenon. However, radiocarbon requires many thousands of years to fully equilibrate throughout the Earth System, including the slow adjustment of the deep ocean reservoir and interaction with carbonate sediments, raising the question of to what degree the pCO 2 effect would have been expressed during real geological transients. We address this question using the CYCLOPS model.
The first set of experiments changes the speciation of carbon in the surface ocean instantaneously by overriding the pH used in the carbon system calculations, similar to the pH experiments of the three-dimensional model discussed above. Following the pH change, CYCLOPS is run to equilibrium. The results in Figure 7 show the atmospheric Δ 14 C and surface ocean reservoir ages versus 1/pCO 2 after 10, 1000, and 100,000 years. Perhaps surprisingly, the results all fall very close to the same relationship as the equilibrium state: after 10 years the surface ocean and atmosphere appear to be quite well equilibrated. How can this be?
The answer lies in the fact that it is the atmospheric radiocarbon pool that changes in response to the surface ocean carbon speciation. In these experiments, the constant 14 C production rate requires the amount of radiocarbon in the ocean to remain roughly constant at equilibrium, since the decay of global 14 C must balance atmospheric production and almost all of the 14 C is in the ocean. As a result, the relative change in the 14 C content of the ocean is very small. In contrast, given the small mass of atmospheric carbon-and the fact that it is all CO 2 in the atmosphere, no carbonate chemistry required-the atmospheric 14 C can be changed significantly and virtually instantaneously [Hain et al., 2011] . So when the surface ocean speciation causes the atmospheric pCO 2 to drop, slowing the uptake of 14 C by the ocean, 14 C builds up in the atmosphere very quickly, approaching steady state within a few years. This implies that the pCO 2 -induced reservoir age changes discussed in section 4.2 are robust even in the face of transient CO 2 changes.
A second type of experiment introduces the additional complexities of changes in 14 C production, ocean circulation, and interaction with sediments, using one of the postulated deglacial transitions of Hain et al. [2014] . The deglacial scenario arbitrarily imposes a breakdown of stratification, a decrease of nutrient consumption, and a retreat of sea ice in the Southern Ocean, all of which release CO 2 to the atmosphere, as well as drastic changes in circulation that represent stalling and reinvigoration of the Atlantic Meridional Overturning Circulation. The scenario also imposes data-constrained fluctuations in 14 C production, which help to simulate the observed decrease of atmospheric Δ 14 C of 350‰ over the deglaciation, as detailed by Hain et al. [2014] . Figure 8 shows the resulting reservoir ages from this simulation, where each continuous line traces the evolution of one surface box over the deglacial transient, plotted versus the corresponding 1/pCO 2 . The imposed changes in the circulation geometry of North Atlantic waters introduce dramatic swings in the reservoir ages of the polar ocean surface boxes, reflecting the importance of mixing between surface boxes and the 14 C-depleted deep ocean. Meanwhile, the low-latitude surface follows the trend of the expected (dash-dotted) curve faithfully. Importantly, the modeled low-latitude reservoir ages fall ≈ 100 years below the steady state trend, largely attributable to the decreasing atmospheric 14 C production throughout the simulation; because the oceanic inventory remembers the atmospheric Δ 14 C of prior millennia, it is biased high when atmospheric Δ 14 C is on a decreasing trend, equating to a relatively low reservoir age [Franke et al., 2008] . Thus, this experiment supports the utility of the pCO 2 -based reservoir age prediction for sites at which circulation changes were small, while also illustrating the importance of transient changes in 14 C production [Beer et al., 1988; Franke et al., 2008] , and the potential for dramatic excursions from the pCO 2 -based baseline wherever the exposure of deep, 14 C-depleted waters changes over time [Skinner et al., 2010; Sarnthein et al., 2007] .
Effect on the Modern and Future Ocean
Finally, we show how the anthropogenic pCO 2 rise has accelerated the air-sea equilibration of radiocarbon relative to the preindustrial ocean, an acceleration that will continue in the future as long as pCO 2 continues to rise. Although, for the time being, this effect remains swamped by the aftermath of the bomb 14 C peak, it will become increasingly evident as the bomb carbon is dissipated within the oceans and as surface DIC/CO 2 continues to drop. Figure 3 , the pCO 2 effect would be expected to lower the atmospheric Δ 14 C by ≈ 20‰, relative to the preindustrial state, given the year 2015 atmospheric pCO 2 of 400 μatm. Such a change is smaller than the Suess effect (i.e., the dilution of radiocarbon by the anthropogenic addition of 14 C-free fossil carbon [Tans et al., 1979] ), which would be expected to lower the surface ocean Δ 14 C by an additional ≈ 30‰ at steady state, as illustrated by the DIC experiments in Figure 2 . In reality, the Suess effect in the atmosphere is greatly amplified relative to the steady state solution by the fact that fossil fuels are input directly to the small atmospheric reservoir. By contrast, the pCO 2 effect will continue to grow as pCO 2 rises further and will become increasingly important as the fossil carbon is taken up by the ocean.
As illustrated by the pH experiments in
We note that because the uptake of bomb radiocarbon occurred under a pCO 2 that was already elevated relative to the preindustrial, it was taken up more quickly than the same mass of radiocarbon would have been taken up under preindustrial pCO 2 [Siegenthaler, 1986] . As a result, the pCO 2 effect must be included in any use of bomb radiocarbon together with natural 14 C measurements to calculate global air-sea exchange. The effect should be implicit in pCO 2 -dependent gross flux calculations [e.g., Naegler et al., 2006] , as well as OCMIP2-style calculations that include transient pCO 2 changes [e.g., Müller et al., 2008] .
The Speciation Effect and 13 C
We now turn to the case of the stable isotope ratio, 13 C. The surface disequilibrium of 13 C is fundamentally different than that of radiocarbon, in that it exists as a spectrum from positive to negative values, as determined by the interplay between biological fractionation, temperature and salinity gradients, and ocean circulation [Broecker and Maier-Reimer, 1992; Lynch-Stieglitz et al., 1995] .
At thermodynamic equilibrium, 13 C is preferentially partitioned into colder water relative to warm water, with equilibrium 13 C decreasing by 0.1‰ C −1 warming [Mook et al., 1974] . Thus, if the ocean were at thermodynamic equilibrium, 13 C would increase from the warm surface to the cold depths. However, because the equilibration timescale of 13 C is so slow, only at the warm low latitudes are surface waters well equilibrated. Cooling of poleward advected waters prior to sinking is generally much faster than the modern equilibration timescale so that the cold waters that fill the deep ocean retain a low-13 C thermal disequilibrium component, a memory of the low latitudes [Murnane and Sarmiento, 2000 ]. This effect is generally accentuated by the "invasion" effect of [Lynch-Stieglitz et al., 1995] , which causes the DIC taken up during rapid cooling of surface waters to be closer to atmospheric 13 C and therefore lower than the equilibrium 13 C.
Superimposed on the physical disequilibrium is the carbon isotope fractionation caused by the biological pump. Sinking organic matter has very low 13 C (on the order of −25‰ [Rau et al., 1989; Young et al., 2013] ) so that its production raises the surface ocean 13 C and its remineralization drives the deep ocean 13 C to lower values. Because of the long equilibration timescale, brief exposure along outcrops of dense water in the Southern Ocean do little to erase this signature, allowing a disequilibrium to also build up from the biological pump, which is generally of the same sign as the thermal disequilibrium. Essentially, air-sea disequilibrium causes an underexpression of the thermal fractionation, and an overexpression of the biological fractionation, both of which cause the 13 C of the deep sea to be low relative to the surface.
Although it cannot be observed directly, the disequilibrium effect can be estimated by comparing the preindustrial control simulation of the model with a "fast gas exchange" version in which the piston velocity, k w , was multiplied by 1000. As shown in Figure 9 (top) , the high-latitude surface ocean 13 C is 1-2‰ lower than it would be at equilibrium, while the low-latitude surface ocean is up to 2‰ higher than it would be at equilibrium. Figure 9 (bottom) shows that in the absence of disequilibrium, the thermodynamic enrichment of 13 C in deep waters and the biological buildup of 13 C-depleted carbon would very nearly cancel each other, resulting in a weak vertical 13 C gradient. Although the importance of disequilibrium in setting the vertical profile will depend on the details of the numerical model to some degree, the results here agree qualitatively with the fast gas exchange experiments of Schmittner et al. [2013] and Murnane et al. [1999] . According to these models, it is essentially the long equilibration timescale of the carbon isotope ratios that causes 13 C to decrease with depth in the modern ocean. The prominent role of disequilibrium in setting the vertical 13 C gradient therefore introduces a large potential sensitivity to the pCO 2 effect. Figure 10 shows the results for the idealized carbon cycle experiments with 13 C, analogous to Figure 3 for radiocarbon. In general, deep ocean 13 C increases as pCO 2 increases, as the disequilibrium between high-latitude surface waters and the atmosphere is reduced, and as low-13 C carbon is transferred from the ocean to the atmosphere. In general, the results for 13 C show more of a dependence on the particular mechanism of pCO 2 change than for radiocarbon, with a more significant spread between the experiments. In particular, for the pref experiments, for which pCO 2 is lowered by strengthening the biological pump, the direct pCO 2 effect or the air-sea equilibration timescale is overshadowed by the accelerated removal of low-13 C organic carbon from the upper ocean and sequestration at depth.
Again, to highlight the pCO 2 effect, we focus on the prescribed pH experiments. As shown in Figure 11 , the redistribution has a clear global pattern. Under the low pCO 2 of the LGM, the pCO 2 effect decreases 13 C in waters formed in the Southern Ocean relative to waters formed in the North Atlantic, enhancing the 13 C contrast between these end-members by on the order of 0.2‰. This can explain approximately one fifth of the increased 13 C gradient reconstructed from foraminifera in the glacial Atlantic [Curry and Oppo, 2005] with no change in the biological pump, ocean circulation, or sea ice. Going the other way, as pCO 2 becomes very high, the gradient between the surface and deep ocean becomes weak (Figure 12) . The gradient is decreased by the gradual elimination of the disequilibrium component, allowing the thermodynamic fractionation to be more strongly expressed and reducing the overexpression of the biological pump.
It is important to consider that the expression of the pCO 2 effect depends on the response of the photosynthetic fractionation factor, p , to pCO 2 . Our model uses the Popp et al. [1989] relationship between p and pCO 2 , which predicts an increase of p with increasing pCO 2 , counteracting the pCO 2 effect on disequilibrium. However, this relationship has been questioned, based on laboratory experiments [e.g., Burkhardt et al., 1999] . To illustrate the importance of this uncertain factor, Figure 12 shows the pCO 2 effect on the vertical 13 C gradient that would occur with the variable Popp et al. [1989] relationship, as well as with p fixed at the values used in the control simulation for all experiments. If p does vary less than predicted by the Popp et al. [1989] relationship, the pCO 2 effect would be stronger than those shown in Figures 10 and 11 . (Figure 9 ) are replotted here (black symbols) to emphasize the degree to which pCO 2 alters the vertical 13 C gradient, in the absence of any change in the biological pump or ocean circulation. In addition, green symbols show identical simulations in which p is held constant, thereby increasing the importance of the pCO 2 effect.
The results here suggest that the pCO 2 effect had a small, but significant imprint on foraminiferal 13 C records from the last glacial period. However, the large effect of pCO 2 on 13 C distributions could be much more important for the interpretation of foraminiferal 13 C records from time periods when atmospheric pCO 2 was much higher than today, or when it underwent rapid changes. For example, proxy reconstructions of pCO 2 during the Eocene (57 to 32 Myr ago) range between 500 and more than 1000 μatm. Such high pCO 2 would have had a first-order effect on the distribution of 13 C in the ocean by greatly accelerating equilibration, causing the vertical gradient to weaken, in the absence of other changes. What is more, if pCO 2 increased rapidly during a short interval, it could be expected to have caused a transient collapse in the vertical 13 C gradient, mimicking an absence of a biological pump, a state which has been termed a Strangelove Ocean [Hsü and McKenzie, 1985] . This effect could explain the sharp deviation to a weaker vertical gradient recorded in high-resolution 13 C records of the Southern Ocean when atmospheric pCO 2 increased during the Paleocene-Eocene Thermal Maximum. In addition, it could provide an alternate explanation for the collapse in the vertical 13 C at the Cretaceous-Paleogene boundary [Hsü and McKenzie, 1985] , if a large and rapid increase in pCO 2 eliminated isotopic disequilibrium, rather than a shutdown of biological export. This explanation could potentially reconcile the Global Biogeochemical Cycles 10.1002/2014GB004929 13 C observations with recently published faunal evidence that refutes a weakening of the biological pump at this time [Alegret et al., 2012] , and the resilience of marine upper trophic level organisms across the end Cretaceous extinction event [Sibert et al., 2014 ].
Summary
1. The equilibration timescale of carbon isotope ratios in the surface ocean is directly proportional to the ratio DIC/CO 2 . Under low pCO 2 , the DIC/CO 2 ratio is large, and the equilibration rate is therefore slow. This simple chemical principle causes pCO 2 to exert a first-order impact on the 13 C and Δ 14 C of the ocean and atmosphere. 2. The pCO 2 effect acts as a modulator of surface ocean disequilibrium. Since the disequilibrium for Δ 14 C is due to radioactive decay, while the 13 C disequilibrium is due to mass-dependent fractionation, the effect is fundamentally different for the two isotopes. For Δ 14 C, higher pCO 2 causes the ocean to take up 14 C more rapidly, lowering the Δ 14 C of the atmosphere. For 13 C, higher pCO 2 causes oceanic 13 C to become a more faithful expression of the thermodynamic and biological signals, which are generally opposite in the modern ocean, so that higher pCO 2 leads to weaker 13 C gradients in the ocean. 3. During the LGM, the atmospheric Δ 14 C would have been >30‰ higher than at present as a result of the pCO 2 effect. This helps to close the gap between the reconstructed high Δ 14 C of the glacial atmosphere and the estimated glacial 14 C production rate, without requiring any increase of benthic-planktonic ventilation ages. Sarnthein et al., 1994; Curry and Oppo, 2005; Ziegler et al., 2013] , and to the exceptionally low 13 C of the deep Southern Ocean [Ninnemann and Charles, 2002] . However, it is insufficient to explain the full signal, which must also have included larger changes in 13 C due to altered ocean circulation and/or the biological pump. Nonetheless, this emphasizes the degree to which 13 C depends on air-sea exchange, and strongly cautions against its interpretation as a proxy for nutrient concentrations. 5. During the more distant past, such as the early Cenozoic, very high atmospheric pCO 2 could have eliminated much of the carbon isotopic disequilibrium in the ocean. This would have had a first-order effect on benthic foraminiferal 13 C records. Because disequilibrium causes the deep ocean 13 C to be low relative to the surface, high pCO 2 would have raised the deep ocean 13 C, mimicking a weak biological pump and/or rapid deep ocean ventilation. Under very high pCO 2 , with ocean circulation and the biological pump similar to today, the vertical 13 C gradient could have been largely eliminated or even reversed. 6. The equilibration timescale for carbon isotopes has decreased by ≈ 30% since the preindustrial and will continue to decrease as long fossil fuel combustion continues to raise pCO 2 . Although the pCO 2 effect is still overshadowed by the ongoing redistribution of bomb radiocarbon, it will become increasingly evident that radiocarbon is being more rapidly taken up by the ocean as time progresses, driving the atmospheric Δ 14 C to lower values. Similarly, the disequilibrium for 13 C at the ocean surface is currently shrinking, which will gradually weaken 13 C gradients within the ocean, causing the North Atlantic and Southern Ocean waters to become more isotopically similar. For both isotope systems, the anthropogenic pCO 2 effect tends to be generally in the same sense, and of the same order, as the better known Suess effect.
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where k w is the gas exchange coefficient (also known as the piston velocity) and z ML is the thickness of the mixed layer at the surface of the ocean [Sarmiento and Gruber, 2006] . (k w ∕z ML ) −1 is therefore the e-folding equilibration time scale with which the mixed layer concentration C ocean will approach the saturation concentration that would be in equilibrium with the atmosphere, C sat .
For C = DIC (dissolved inorganic carbon), the gas exchange is driven by the concentration of dissolved CO 2 gas relative to its saturation concentration in equilibrium with the atmosphere, so that equation (A1) becomes
This is different than the relationship found for other gases which do not react with seawater, since the air-sea flux is driven by a particular species of the dissolved carbon, rather than by its total concentration. Thus, the equilibration timescale for DIC will be determined by the equilibration timescale of dissolved CO 2 . We can gain insight into this by expanding the time rate of change of DIC as
and rearranging to solve for the time rate of change of CO 2 ,
Thus, the e-folding equilibration time scale for CO 2ocean , and therefore, DIC in the mixed layer is
This shows that the timescale for the overall equilibration of DIC is set by the buffer capacity, DIC∕ CO 2ocean .
Since all isotopes of carbon obey the same chemistry, we can write
Furthermore, because the speciation of carbon between CO 2 , H 2 CO 3 , HCO − 3 , and CO 2− 3 is determined by the overall chemical environment, which is itself dependent on the total DIC (including all isotopes), we can write DIC CO 2ocean = DI 12 C 12 CO 2ocean = DI 13 C 13 CO 2ocean (A8)
Note that for brevity, we will treat only 13 C and its ratio to 12 C here, though the equations for 14 C are exactly equivalent.
Ignoring the relatively small mass-dependent isotopic fractionation between species, which is on the order of 1% [Zeebe and Wolf-Gladrow, 2001] , we obtain the following approximations, For the purposes of the current work, we would like to know the time derivative of an isotopic ratio for dissolved inorganic carbon, such as 13 C/ 12 C. We start the derivation with a chain rule expansion of the time derivative, 
This shows that the timescale of equilibration for the isotope ratio is similar to the standard gas exchange formulation but including an additional multiplicative term, 
Given the equality of equation (A8), we can simplify the multiplicative term to 12 CO 2sat DI 12 C (A14)
Again, using equation (A8) and taking the assumption that the ocean and atmosphere remain at a relatively consistent degree of equilibration with respect to pCO 2 , we see that the equilibration time for the isotope ratio does not vary with the buffer capacity but rather on the ratio of DIC to CO 2 :
